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1. Introduction

1.1. What is synoptics?

A

A

osynopsi so: f or mi nguresofthemgenaral statewfither o b u st
atmosphere

in synoptics, all information concerning the state of the troposphere is taken
into account: observations and the parameters produced by numerical
models.

synoptics will help a meteorologist understand the state of the troposphere;
what is happening and why, and what might be taking place in the near future

The theoretical basis of synoptics comprises atmospheric dynamics and mean
flows.

Synoptic examination utilizes parameters calculated with the laws of
thermodynamics and fluid dynamics.

> One has to understand the equations derived from them and their practical

significance!

Required tools and concepts of dynamics (Martin, chapters 1-6)

A vector calculus (vector components, nabla, cross product, partial
derivatives)

A advection, divergence, vorticity, potential vorticity, deformation

A the basic forces: pressure gradient, gravitational, centrifugal and Coriolis
forces

A the equations of motion, the conservation of momentum and mass

A hydrostatic equilibrium

A geostrophic and ageostrophic winds

A potential temperature

A thermal wind

A gradient flow

A barotropic and baroclinic atmospheres

A the omega equation and Sutcliffe Development Theory
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1.2. The synoptic scale

A Horizontal dimensions of 500-5000 km
A Duration around 1-10 days

A Rossby number < 0,1

Ro = U/L fo

Weather systems by size:

Global scale (5000 i 10 000 km)
i time scale 5 days i permanent
1 e.g. polar vortices, subtropical highs
1 satellite images, radar combinations

Synoptic scale (300 i 5000 km)
1 duration 1-10 days
1 e.g. mid-latitude cyclones and anticyclones
1 soundings, radar images, satellite images

Mesoscale (37 300 km)
1 duration 0,57 24 h
1 e.g. sea breezes, thunderstorms

1 synoptic observations, radar images, large resolution
satellite images

Microscale (1 mm 1 3 km)
1 e.g. sea breeze, formation of hail
1 radar images, measurements of individual parameters

However, it should be noted that:

A The classification is rough and not always clear; for example, a jet
stream may be 5000 km long and 300 km wide

A Planetary waves also belong to the domain of synoptic observations,

as they regulate the development and motion of mid-latitude pressure
lows.

A Synoptics also deals with mesoscale phenomena like thunder.
However, in such cases the focus is not on the structure of an



individual cloud, but rather on the presence of thunder as part of a
larger weather system or in a specific synoptic environment.

Large scale systems combine those components that cause mesoscale
weather.

For example, the formation of thunder requires humidity, instability and
buoyancy; if two of these factors are already present, adding the third will
increase the chance of thunder.

Onward from the synoptic scale to the mesoscale!

1.3. Analysis and interpretation

The tasks of a synoptic meteorologist:

A Analysis of weather observations

A Interpretation of numerical fields

A Combining the analyzed observations and numerical parameters with
conceptual models

Synoptic interpretation of the state of the troposphere, a four-dimensional
concept of the state of the weather:

simultaneous consideration of observations and numerical prediction fields
analysis ' > the current state of the troposphere
diagnostic laws of physics © > understanding the state of the troposphere

prognostic laws of physics *= > the future state of the troposphere

Observations:

Synop observations

Too T T o To

other observations: automatic, flight and road weather observations
soundings

satellite images

radar images

observations from airplanes



A lot of observational data goes straight into the initial conditions of models. In
particular, information from satellites is used to patch up the sparse network of
oceanic observations.

Synop observations are analyzed.

Analysis means
A visualizing the isolines of parameters
A defining the areas where a given phenomenon may occur
A identifying observational errors

A achieving an unambiguous interpretation of the data

An analysis will also suggest which numerical parameters are to be paid attention
to!

Example: analyzing surface SYNOP observations
A Isolines of isobars
A Surface pressure tendency isolines or isallobars
A Local weather (areas with precipitation, fog/mist, thunder, showers, etc.)
A Wwind convergence zones

A Isotherms

A Other things (as required); wildfires, volcanic ash clouds, sizable dust
clouds, etc.

1.4. Conceptual Models

Conceptual models:

A simplified representations of the properties of weather systems

A are not necessarily unequivocal; weather systems are formed, die out,
undergo change and are not always clear with regard to every
parameter

A vary according to surface, season and time of day

A contain information about a system's development over time

There are manuals of conceptual models (SatManu, Lehkonen: kasitemallit), but
interpreting the weather is subjective.



A sample of conceptual models:

Synoptic scale Mesoscale

Tropopause jet streams,
isotachs and altitude

Pressure lows and highs Weather phenomena
Temperature anomalies Fog and Cb clouds
Fronts and troughs Winds at boundary layer

Conveyor belts

Why do we need manual analysis and interpretation?

A

A

The identification of conceptual models cannot be automated with the
existing equipment.

Errors in the model may be identified, along with developments deviating
from the model's predictions.

Local conditions and mesoscale phenomena (e.g. surface, season,
history, etc.) can be taken into account.

People are better than computer programs at inferring observational errors
and the effects of sub-synoptic scale weather and environmental
phenomena.

It has been observed that the drawing of lines and conceptual models on a
map improves a person's understanding of the subject more than simply
looking at finished products. On the other hand, synoptic charts contain a
lot of information in condensed form, and when people conduct analysis
on their own, they tend to examine things more closely.

An analysis chart may be

A
A

A practical tool for oneself and one's colleagues, like surface maps

A customer product
T Newspaper weather maps
T Aviation briefing maps



2. Tropospheric circulation

2.1. Mean wind conditions globally

A schematic of Earthodéds mean winds:
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The polar cell is very weak, so it does not show in the vertical cross section. In
summer the circulation moves northward; for example, because of the warming
of the large continents in the northern hemisphere, the intertropical convergence
zone (ITCZ) lies approximately at the 15" latitude north, generating the Indian
monsoons as well as causing the Hadley cell of the southern hemisphere to be
much stronger than that of the northern.

Tropical and extra-tropical: general circulation
The temperature difference between the tropics and the poles is the most

important factor behind general circulation. The temperature difference is
largest in winter, when the circulation is also at its strongest.
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Atmospheric circulation in the tropics (0 7 30 )° is dominated by a Hadley
cell, which

A transfers dry air (energy) toward the poles

A transfers latent heat toward the equator

A transfers angular momentum upward

A produces kinetic energy (Y subtropical

Outside the tropics (30 7 90)° changes in the upper waves

A transfer dry energy and latent heat toward the poles
A transfer impulse momentum from the equator toward the poles
A produce the majority of kinetic energy of the circulation

A determine the weather in the area in guestion

ADIi sturbanced or A webath amekestrengthersng of anbupperc e 0: t he
wave (a wave in the mid- and upper troposphere pressure fields), which results in

the formation of a mid-latitude cyclone. They are accompanied by wind, rains and

temperature changes. There are 4-5 disturbances present at all times to maintain

the thermal equilibrium between the mid- and high latitudes. Instead of mean

flows, synoptics concentrates on transient weather, which arises mostly from the

disturbances.

Note: in general a fAcycl onhewever, igsyaopticsatunt er c | o
refers to a mid-latitude moving low, and not for example a small polar low or a
tropical hurricane.

Note that the often used 'westerlies zone' is a rather vague concept; in
meteorology the preferred terms are air masses and mid-latitudes.

2.2. Geostrophic and thermal winds

Geostrophic wind (Martin p. 61- 62), MetED 'Topics in
Dynamic Meteorology: Thermal Wind'

The equations describing the synoptic scale currents of the mid-latitudes
have two terms that are at least an order of magnitude larger than the
others: the pressure gradient force and the Coriolis force. This being so, it
can be assumed that in a state of equilibrium the two forces counter each
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other; the pressure gradient force is equal and opposite to the Coriolis
force.

In the northern hemisphere:

L

p-3p PRESSURE GRADIENT FORCE
p
GEOSTROPHIC
p + 3p WIND
p + 25p

CORIOLIS FORCE

H

J— 1/\
VQ=EKXVp

Geostrophic winds blow parallel to the isobars. The tighter the pressure
gradient, the stronger the geostrophic wind!

Geostrophic wind represents the real wind with an error margin of 10-15 %
everywhere else except in the boundary layer, the jet streams and wave
disturbances associated with them, and the tropics and polar regions.

Geostrophic equilibrium only applies to large-scale flows; for phenomena
on a small scale (sea breeze, tornados, Cb clusters, etc.) the pressure
gradient force is much stronger than the Coriolis force.

According to the geostrophic wind law, where westerlies prevail there
must be high pressure near the equator and low pressure near the poles.
This is seen in mean pressure distributions: the Horse latitude highs and
polar vortices.

12



Thermal wind (Martin: p. 89-93)

A warm column of air extends higher than a cold one. That is to say, in
cold air each pressure level lies lower down than in warm air. If the
columns are brought side by side, the pressure levels slope downwards
toward the cold air. A horizontal geopotential gradient forms, and it is
proportional to the pressure gradient. The magnitude of the geopotential
gradient increases with height.

Thus, in geostrophic conditions geostrophic winds also increase with
height.

>
Horizontal temperature gradient and the vertical shear of geostrophic wind
are mutually dependent.

vertical shear of geostrophic wind = thermal wind

On average, hydrostatic equilibrium and geostrophy provide a good
representation of the troposphere, and these assumptions apply to most of it.
From them we can derive the thermal wind law:

Vg = - R k xvVT
ap fp

The thermal wind law explains why westerlies prevail in the mid-latitudes.

The vertical shear of geostrophic wind (i.e. thermal wind) is parallel to the
isotherms.

A vector representation of a thermal wind:

vT =\_/g_vo

13



2.3. Upper waves

Upper waves determine the weather outside the tropics.

The basic principle is that orography and the uneven distribution of thermal
radiation between the equator and the poles generate an upper flow, in which
waves (weather disturbances) are constantly forming.

In accordance with the geostrophic wind law, where westerlies prevail there are,
in the mid- and upper troposphere, areas of high pressure near the equator and
areas of low pressure near the poles (polar vortices).

Zonal index

The zonal index is a measure for the strength of mid-latitude westerlies. It
is expressed either as a horizontal pressure difference between latitudes
35 and 55 or as the corresponding geostrophic wind.

High zonal index (over 8 hPa): strong westerly component, zonal flow.
There are short, fast and short-lived waves in the flow. Isotherms and
isohypses have differences in phase and amplitude. Weather changes
rapidly.

Low zonal index: weak westerly component, meridional flow. There are
long, slow and persistent waves. Isotherms are almost parallel to
isohypses. Weather changes slowly.

Index circulation: when the index is low, a westerly flow will turn more and
more meridional as the troughs and ridges strengthen and finally tear off
from the main flow into separate vortices (cyclones and anticyclones).
After this the current will shift rapidly into a high-index state. The length of
a cycle is 3-8 weeks, although with especially high and low indices the
circulation is faster.

Wavelength and movements of the upper waves affects the type of weather: will
a given air mass stay where it is, or are the conditions undergoing rapid changes
(high or low zonal index).

In a westerly flow, a wave may travel east (progression) or west (retrogression)
or remain still. This is determined by the wave's velocity, wavelength and latitude,
and it is represented by the so-called b-parameter, or Rossby parameter.

14



b-parameter (Rossby 1939) :

2Qcos@p
a

Y= Ear t hlaelodity g
a = Earthodés r a
U = latitude

u
di us

U = The velocity of the westerly flow (basic flow), or Rossby velocity
(assumed constant)

¢ = phase velocity of a wave moving in the basic flow

L = wavelength of a wave moving in the basic flow

k = wave number, 2" /L

progression (wave travels along the basic flow): ¢ > 0
retrogression (wave travels against the basic flow): ¢ <0
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3. Air masses

3.1. Defining an air mass

Air mass:

o Do Doodo

A

A large-scale volume of air

Fairly homogenous in horizontal temperature and humidity

Vertical variations in temperature and humidity almost identical
throughout the volume

Remains or travels above a certain region of homogenous conditions
long enough to reach a relative equilibrium with the surface

The properties of the source region follow from the radiation balance of
the surface and air.

Undergoes certain changes as it drifts away from the source region

Between air massses there are baroclinic zones where temperature and humidity
change rapidly as one crosses the zone.There is always a jet stream above the
baroclinic zones, near the tropopause. Baroclinic zones are where fronts are

formed.

Air masses and the jet streams associated with them are generally divided into
tropical, subtropical, mid-latitude, polar and arctic air masses. Polar air masses
can be further divided into southern and northern masses where the polar jet
splits into northern and southern branches.

Jet streams and their branches occurring in Finland:
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PJ  polar jet, around 300 hPa
SPJ southern polar jet, around 300-200 hPa
SJ  subtropical jet, around 100 hPa

The air masses and associated jet streams in the northern hemisphere are

seen in this cross section of the troposphere:
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3.2. Classification of air masses
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Under the most commonly used system of classifying air masses, their
abbreviations take the form xY, where

X = ¢ (continental) or m (maritime)

Y =T (tropical), P (polar) or A (arctic)

Another class, ML (mid-latitudes), is used in Finland, but it is rather vague, as it is
constantly transforming and it does not have a homogenous source region. In
Finland the polar air mass is divided in two parts wheneve such a distinction can
be made in the jets: NP (northern polar) and SP(southern polar). The air masses
used in Finland are therefore A, P, NP, SP and ML. The tropical air masses
never reach Finland.

The original Bergeron classification system from 1928 also contained a term
which indicated whether the air is warmer or colder than the surface.

There is also an E (equatorial) class, which is occasionally used in the United
States.

Source regions of air masses

"an area of homogenous conditions, where the air mass lingers" e.g. sea,
ice, tundra, steppe, desert, plateau

Source regions:

Arctic air mass: surface covered with snow and ice, with a
strongly negative radiation balance

Polar air mass: polar and other high-latitude regions
Mid-latitude air mass: the poleward borders of horse latitude
highs

Tropical air mass: trade wind zone

o oo Do

3.3. Properties of air masses

When defining an air mass, the following factors are taken into account:

the altitude, temperature and shape of the troposphere

location of jet streams relative to each other; which jets are present?
location of jet streams relative to fronts (more on this in chapter 6)
season

T850 hPa and T500 hPa relative to statistical mean for that time
mean temperature (thickness) between two pressure surfaces

Too Too oo oo oo o
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A humidity of the surface layer

There have been no precise definitions for the treshold values of the temperature
in different air masses. There is an exception in Finland, where an air mass is
classified as arctic when T(850 hPa) < -18 °C.

Note that temperature at 2 meters says very little, as the effect of the surface is
considerable.

Temperature and thickness of an air mass
The temperature of an air mass is best represented by the temperature at 850
hPa, or the dry or moist potential temperature at the same altitude. (In
mountainous regions 700 hPa is used instead of 850 hPa)

The mean temperature or thickness between the pressure surfaces is also a
good representation of an air mass:

dz=.dp = _ dpRT

(¢ Pd
>
h = E |n&
d P where

} =thickness
R = gas constant

p and po = the pressure surfaces whose intervening thickness is
being calculated

T= mean temperature of the layer

h = height of the layer.

Thickness is calculated from layers (850-500) hPa, (1000-850) hPa or (1000-
500) hPa.

The warmer the layer, the higher it reaches:
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Aspects to note about air masses:

A Cold air usually arrives in Finland from the north and warm air from the

south, but an air mass is not generally determined by where it comes
from; in Finland, for example, a northeasterly flow may carry with it either
cold or warm air in summer.

Vertical motions are also a crucial part of air mass movements. For
example, on the east side of a high pressure ridge cool air flows to the
south descending, while on the west side warm air flows to the north and
ascends. As the ridge travels east, the lower and upper parts of the
troposphere may hold different air masses in the same place for some
time.

The weather within a homogenous air mass is determined by the
properties of the surface and the air mass itself. In the zones between
them, weather is determined by synoptic scale weather systems - often
fronts.

Identifying air masses from soundings

Height and temperature of the troposphere (approximate):

20



In polar air: altitude 350-250 hPa, temperature -5 0 €60 °C. Shape
fairly undefined or sharp, in which case the lower stratosphere is
almost isothermic.

In mid-latitude air: altitude 200-100 hPa, temperature around -60 °C.
Shape often sharp, in which case temperature increases with altitude
in the lower stratosphere.

In tropical air twofold: the lower one is around 200 hPa and -6 0 é70
°C, while the upper is < 100 hPa, -7 0 €80 °C.

The arctic air mass is limited to the lowest part of the troposphere, in
which case there is a polar air mass above it.

However, when it comes to identifying air masses, it is the jet streams that define
them; soundings are usually more vague.

Finnish weather in different air masses

Cold air masses, A and PP

A The tendency to labilize quickly initiates convection

A Visibility is good, except when reduced by hydrometeors or
lithometeors

A At sea the temperature at 2 m is lower than the sea surface
temperature

A Gusty wind

Summer:

A On land there are convective clouds in during the day and clear skies
at night

A At sea there are convective clouds, particularly at night in late summer

A In deep convection there are local showers and thunder in the
afternoon and evening

A Close to ground the diurnal variation in temperature and humidity is
large (in spring as much as 20 °C)

Winter:

A Large raindrops, large dendrites (snowflakes) or graupel below -5 °C

21



Warm

A
A

A

Flowing snow in gusty wind

At sea there is a strong upward flux of water vapor, as well as sea
smoke when air temperature is below -18 °C

Strong surface inversions in weak wind conditions

Note that when inversion is strong, in Finland usually in winter, the
strengthening or subsiding of the wind often causes a greater (even
opposite) change in the temperature than the horisontal temperature
advection.

Rule of thumb:

An air mass is "cold" when T850 < -10 °C in winter and < 0 °C in
summer. Correspondingly, T500 < -30 °C and < -20 °C.

air masses SP and ML

A
A
A

Wind is steady

Visibility often poor (haze or mist)

There can be radiation fog on the continent especially in spring and
autumn, and advection fog in spring either at sea or over melting snow.

Summer:

Weak surface inversion at night

When the air is dry in the summer, there are shallow Cu clouds or clear
skies during the day

In potentially unstable situatons there can be showers and
thunderstorms in the late afternoon and evening, provided that the air
is humid enough

Winter:

Often there are St/Sc clouds, drizzle, snow grains or weak snowfall.
When the skies are clear, the lowest layer of the troposphere cools
gradually, and the inversion remains throughout the day.

Inversion situations are accompanied by fog or mist when the
temperature of a wet surface is around zero.

Phase of precipitation

Thickness can be used to predict the phase of precipitation. In Finland, when
the 1000-850 hPa thickness is below 1275 m, precipitation occurs as snow,
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and when it is above 1310, it occurs as water. The probability of sleet is
greatest when the thickness is 1295 m. (Hankimo 1969)

The phase product of Finnish Meteorological Institute radar images is derived
from a statistical equation based on 150,000 SYNOP observations:

1
+ g@227T-02RH)

P =
1

Here P = probability of liquid precipitation (P > 0,7 means water and P < 0,3
means snow), T = temperature and RH = relative humidity.

Effect of relative humidity: in dry air snow showers may occur even at +8°C,
but in humid air, for example below a Nimbostratus, precipitation becomes
water at +2 °C at latest.

3.4. Transformation of air masses

An air mass changes as it moves away from its source region.
Processes that can transform an air mass:

The cooling effect of the surface

The warming effect of the surface

Synotic scale ascent + release of latent heat
Synoptic scale subsidence

Turbulent mixing

Too oo oo o o

1. The cooling effect of the surface

A relatively warm air mass arrives over a cold surface while
cloudiness and windiness are low or decreasing.

Heat is transferred from the air into the surface through radiation,

molecular diffusion and, in the boundary layer (< 1 mm from the
surface) conduction.

23



Initially this causes a very low but strong surface inversion. This
stabilization of the air dampens turbulent mixing particularly if the
wind is calm. The layer above the surface undergoes radiative
cooling while the surface inversion becomes stronger and stronger.
In Finland the radiative cooling effect of the surface is particularly
strong over snowy ground in the spring and at sea in early summer.
rd

NATTT) cold

CLLLIRE RS AIFMass

T
heat radiation and conduction

malecular diffusion

2. The warming effect of the surface

Conduction, radiation and molecular diffusion cause the air layer to
labilize over a warm surface, which initiates convection. The
heating caused by the convection often reaches far higher upwards
than the cooling caused by the surface.

If Cb clouds are formed in the convection, the release of latent heat
warms the mid- and upper parts of the troposphere above the lifted
condensation level (LCL).

Oceans are very effective at warming the lower troposphere
because seas have a near constant surface temperature on the
synoptic time scale.

In Finland, the warming of cold air masses is strongest in June-July
over land and in August-January at sea.
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3. Vertical motions on the synoptic scale
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Note that convection can occur over a warm surface even if there is
weak descending motion on a larger scale. Typically this occurs in
weak high pressures in summer. If the air is humid enough,
showers and even thunder can occur in the afternoon and evening.

4. The effects of turbulence and mixing

Turbulence is caused by convection and friction
In the boundary layer the air is well-mixed and the potential

temperature is almost constant.

The weather in Finland predominantly adheres to the following pattern in 500
hPa highs and lows, when there are no high pressure gradients or weather

disturbances nearby:
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This is a rough estimate; there are many other factors affecting the weather.
For example, a high can be accompanied by afternoon showers in the
summer, a high can initially have clear skies in winter, an inversion can
remain in a cold air mass throughout the day in winter, etc.

3.5. Air mass movements Martin p. 123-130, esp. 129-130
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Air mass movements can be examined with the help of potential vorticity (PV):
Potential vorticity is a concept corresponding to potential temperature; a measure
of potential for vorticity in an air parcel.

The usability of this parameter with large air volume movements is based on its
conservation in adiabatic flows:

C+

f
PV = — = constant
op , Where

where ¢ = relative vorticity
f = the Coriolis parameter
Up = the thickness of the column of air.

Meridional movements

Let us consider the movement of a parcel of air on a north-south axis,
assuming the flow is adiabatic and that vorticity is low. This is true on a
large scale.

In a situation where ¢ = 0, Up only depends on f. In such a case the
column of air is compressed adiabatically as it moves toward the equator.
As the air column compresses, its temperature rises.

Consequently, the air mass changes as it drifts sufficiently far south. The
colder the air was originally, the farther it can travel without losing its
temperature difference relative to the surroundings. According to Palmen
& Newton (1969), observations suggest that polar air cannot travel beyond
25° latitude.

In addition to adiabatic heating, the air is warmed by the surface. Heat
transfer is greatest when cold air is moving toward the equator over
oceans, which have large heat capacities, and smallest over a snow-
covered surface. Cold air can thus travel farther south over a snow-
covered continent than over an ice-free sea.

As an air parcel moves toward the equator, cyclonic vorticity increases
and the parcel curves east.

Accordingly, if a polar air mass has been advected to the mid-latitudes, it
has to contain cyclonic vorticity.
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As an air parcel moves polewards, it stretches vertically and cools unless
its relative vorticity decreases considerably. If the vorticity is anticyclonic,
the parcel's depth has to be small.

northern air flow:

shrinking

southern air flow:

stretching

Note:

A The difference between cyclonic and anticyclonic air masses is
greater than that between warm and cold ones!
A Deep convection does not occur in anticyclonic flows.

When an air mass curves anticyclonically in a strong cold air flow, it
contains subsidence, the upper troposphere warms and the air stabilizes.
In such a case there will be no deep convection. If the surface is very
warm, an anticyclonic flow can also generate low convection (Cumulus
Humilis), but not thunderclouds. In a cyclonic flow the air mass becomes
more labile and deep convection does occur.

When air moves toward the equator, the ground heats its lower parts
concurrently with the adiabatic heating taking place above. The heat
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transfer is greatest when the air travels over an ice-free ocean, and
weakest over a snow-covered surface.

Accordingly, warm air moving polewards is slowest to transform when it
travels over a continent in summer or over a sea in winter.

In summer, the temperature in Finland is highest when there is a flow from
the southeast. In winter, the mildest weather follows winds from the west-
southwest.

The coldest episodes in Finland are related to northerly flows in summer
and east-northeasterly flows in winter.
Zonal movements

Chapter 2.2. dealt with upper waves. Weather in Finland is determined by
the movements of these waves.

When the zonal index is high and the basic flow fast, it takes 0,51 2 days
for a wave to pass. A large slow wave, on the other hand, can persist for
up to several weeks.

The large scale weather:
1 There is changeable weather near the flow maximum (near the high

pressure gradient zone), where weather disturbances move and air
masses change rapidly.

1 A large trough is accompanied by a polar air mass, and the weather
is cool.

1 A large ridge is accompanied by warm air, dry in summer and
humid in winter.

Discontinuous retrogression of the upper waves
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Sometimes a trough or ridge moves west, but these cases are rare.
Rather, it is more common for a large trough or ridge to appear to stop
and move westwards, which is a case of discontinuous retrogression. This
phenomenon is related to an upper flow changing from zonal to
meridional.

In an adiabatic, homogenous flow on an isentropic surface, the potential
vorticity is preserved:

+
g = constant
62

Unless the height z changes, absolute vorticity ¢ + f is constant, so when f
decreases as one approaches the equator, relative vorticity ¢ increases,
meaning the flow becomes more cyclonic.

Vorticity is given a closer look in chapter 5. Here it is only used to describe
the movement of atrough'sbotto m/ r i dgeds top

The flow gathers cyclonic vorticity. This is also known as a positive
vorticity anomaly. In a westerly basic flow this anomaly is accompanied by
counter-clockwise circulation, which advects positive vorticity to the west
of the anomaly, and negative vorticity to the east of it.

Retrogression is related to weather that prevails for a long time.

For example, in Finland in summer the weather stays cool and rainy so
long as there is a large trough of low pressure in western Europe. Small
troughs travel along the trough's easterly borders from the south to the
northeast. The cold, rainy weather persists as long as the axis of the
larger trough stays still or returns west instead of continuing to the east.

Retrogression of the upper waves:
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Red arrows: positive vorticity. Blue arrow: negative vorticity.

T=0

ridge:

trough:

4. Boundary layer and weather
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4.1. Physical properties of the boundary layer

The boundary layer is the lowest layer of the troposphere. Above it lies the so-
called free atmosphere. Flows in the boundary layer are affected by the surface.
They are also turbulent, and the geostrophic approximation does not apply in the
boundary layer.

The thickness of the boundary layer is influenced by:

roughness of the terrain

time of day (amount of incoming radiation)

season (surface temperature, amount of incoming radiation)
stability of the air mass

Too oo oo To

Weather phenomena in the boundary layer:

A fog and mist

A stratus and stratocumulus clouds
A strong temperature inversions

A gusts of wind

A anabatic winds and sea breezes

Properties of a turbulent flow:

rapid fluctuation

describing random changes requires statistical methods

continuous flow: even the smallest vortices are much larger than the free
distance between molecules

the formation of vortices requires energy, which comes from the basic flow
it is impossible to predict the details of vortices, but their collective
influence can be described by parameterization

To o oo oo

The flow mixes

A momentum

A temperature

A humidity

A trace gases and particles

2-m winds are turbulent, meaning changes take place rapidly there. This is why
SYNOP observations give the 10-minute mean wind (both velocity and direction).
The parts of the boundary layer:
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1. Surface layer

A the lowest 10 % of the boundary layer
A friction turns the wind towards lower pressure around 20-30°0n land

and 12-17°at sea, on average.
A the mean wind is roughly 50 % as strong as the upper wind on land

and 70 % as strong at sea

2. The Ekman (or spiral) layer

A Wind strengthens and veers with altitude. On the top of the boundary
layer the wind becomes almost geostrophic.

A Sc clouds and fog often form in the upper and lower parts of the
boundary layer, respectively.

Ekman spiral

The so-called Ekman spiral is a simplified mathematical description of the
winds in the Ekman layer. Assumptions are that the density and viscosity in
the layer are constant, motion is horizontal and steady, isobars are straight
and parallel, and the basic flow is constant throughout the layer.

The concept of the Ekman spiral was developed by the Swedish
oceanographer Ekman in 1902 to describe ocean currents. The
concept was applied to the troposphere six years later.

The components of the Ekman wind are:

U parallel to the pressure gradient
V perpendicular to the pressure gradient

=-G ePsinp

V = G(1 - ePcosp) where
G = geostrophic wind velocity (basic flow)

b = z(f/2K)(exp)1/2

f = Coriolis parameter

z = height

K = eddy viscosity, which increases the internal friction of the flow
by transferring the momentum of the turbulent vortices to it

The level H where U=0, (the real wind is parallel to the geostrophic
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wind) is called the geostrophic wind level or the gardient wind level.
Its height H is:

H = (2K, /) (3/4n + a,)

where a thesangle between the surface wind and surface isobars

At this altitude the real wind speed is a little greater than that of the
geostrophic wind, depending on the value of b .

In other words, wind in the Ekman layer depends on the Coriolis
force. It grows exponentially with height.

An interactive module for exploring winds in the boundary layer
according to elevation and roughness of the terrain:
http://ww2010.atmos.uiuc.edu/(Gh)/quides/mtr/fw/bndy.rxm

Inversion

When the radiation balance is negative (at night, in winter), the layer near the
surface cools. This causes formation of an inversion where temperature
increases with height. In Finland, surface inversions of up to 30 °C may occur
in winter if the skies are clear and the air cold enough.

Under inversion conditions, the boundary layer is also called the inversion
layer.

In strong surface inversions the wind is calm. Turbulence and mixing cease.
This leads to the accumulation of air pollutants in cities and industrial areas,
at worst to smog.

4.2. Diurnal variation of the boundary layer
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The following factors increase turbulence in the boundary layer:

A rough terrain
A strong upper wind

Y  mechanical turbulence

thermal radiation from the surface in summertime (unfrozen ground)
Y thermal turbulence

Thermal turbulence subsides at night, and hydrostatic stability weakens the
mechanical turbulence. Winds become weaker and more steady, and the
boundary layer grows thinner.

In Finland the height of the boundary layer in summer is between 1,5-2,5 km in
daytime and some hundreds of meters at night. The diurnal variation is smaller in
winter because there is no thermal turbulence. The height of the boundary layer
in winter is 0-1,5 km.

Diurnal variation in a convective boundary layer in summer:

If the wind is weak and the surface warm during the day, the layer just
above the ground is statically unstabile. Turbulent heat flux is strong close
to the surface and diminishes linearly with height. There are a lot of
vortices (including large ones) in the Ekman layer, and it is considered
"well-mixed": the mean parameters are near constant throughout the
layer.

The height of the boundary layer is clearly defined and grows over the
course of the day as turbulent vortices and thermals bring warm air
upwards from the surface.

When the sun sets, thermal mixing and thermals cease. The surface
cools, and first the surface layer and then the lowest part of the Ekman
layer stabilize. The gustiness and mean velocity of winds drop rapidly. A
so-called residual layer remains in the upper parts of the boundary layer
for a time, sometimes even overnight, but turbulence is weak also there
during the night.

In the following schematics there are examples of typical vertical profiles

for potential temperature, winds, mixing ratio of water vapor, and pollutant
concentration (Stull, 1988) during the day:
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Typical daytime profiles of mean virtual potential temperature
v , wind speed M (where M*=T¢+V*), water vapor mixing
ratio r, and pollutant concentration c.

Diurnal variation of a convective boundary layer (Stull, 1988):
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Fig. 1.7 The boundary layer in high pressure regions over land consists of three major parts: a vel

ry
turbulent mixed layer; a less-turbulent residual layer containing former mixed-layer air; and a
nocturnal stable boundary layer of sporadic turbulence. The mixed layer can be subdivided into a
cloud layer and a subcloud layer. Time markers indicated by S1-S6 will be used in Fig. 1.12.
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Entrainment

Consecutive rising bubbles of air intrude into the upper inversion, resulting
in the mixing of air in the inversion layer and in the boundary layer. This is
known as entrainment, and it causes a negative turbulent heat flux into the
upper regions of the well-mixed layer.

Stabile boundary layer

A slightly stabile boundary layer is the most common kind in Finland.
The turbulence in such conditions is (depending on the wind and
stability) moderate or weak, as is mixing, and the wind keeps to a spiral
structure in a shallow boundary layer.

Mean winds often have a slight maximum in the upper parts of the
boundary layer. If the wind's speed exceeds that of the geostrophic wind
by at least 2 m/s, the term used for it is low-level jet.

A stabile boundary layer may consist of several layers with minimal
interaction.

Cold air pools

In mountainous terrain, heavy, stabile surface air that has cooled through
radiation on a relatively calm evening, will flow down the slopes as a
katabatic wind. Weak katabatic winds can travel far even over flat terrain.
They fill valleys and canyons with pockets of cold, still air known as cold
air pools. The phenomenon is found especially in central Europe in the
Alps, and it is known as valley fogs.

Maritime boundary layer compared to a continental one:
A Airis humid and there are more clouds
A The boundary layer is usually almost neutrally stratified: there is less of

turbulent heat transfer and convection is less common
A The annual and diurnal cycles of surface temperature are smaller
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Stability of the boundary layer over the Baltic Sea:

A In spring and early summer the sea is colder than the air, and the

boundary layer is stabile
A In autumn and winter the sea is warmer than the air, and the boundary

layer is very lightly stabile
A Over sea ice the boundary layer is usually stabile

4.3. The effects of the surface

1. Humidity (in summer)

A humid surface stores and conducts heat well, and a part of the incoming
heat is lost through evaporation.

—

Diurnal variation in temperature is smaller over a humid surface than a dry
one; nights are warmer and days cooler.

extremes: sea / dry peat

In summer, the evaporation of nocturnal fog releases moisture into the air
over the course of the morning, and convective clouds form more easily
over these areas than over a drier surface.

2. Vegetation (in summer)
Evaporation is most effective in:

A low vegetation during sunny weather (risk of frost in drained open

marshland!)
A forests in overcast weather (light comes in from multiple

directions, which results in less shade)

3. Snow

snow cover reflects 40-95 % of the radiation
the thawing of snow and frozen ground takes up a lot of energy
snow is a sink for humidity when below 0 °C and a source of it

when above 0 °C

T> T>o T
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4.4. Fogs

4.4.1. Definition

NOAA 1995: Fog is a collection of suspended water droplets or ice crystals near
t he Ear t ho sleadto aredaaian ofthdrizontal visibility below 1 km
(smog: visibility below 10 km, airborne aerosols)

If the visibility is 1 - 10 km, then it is called mist (WMO, 1966)

The reduction of visibility occurs through a reduction in the brightness contrast
between an object and its background by particle concentration and size-
dependent scattering losses of the light propagating between the object and the
observer (Gazzi et al., 1997; 2001) and through the blurring effect of forward
scattering of light due to the presence of the droplets/crystals (BISSONETTE, 1992).

The differences between fog, mist and drizzle are vague.

4.4.2. Classification of fogs

Classification can be based on the following properties:

physical properties (freezing/non-freezing fog)
thermodynamic properties (mixed phase fog)
dynamic properties (mixing and turbulence fogs)
chemical composition of particles (smog, dry fog)
orography of the surface (valley fog)
meteorological features (frontal fog)

Too Joo Joo o o o

Mixed phase: the saturation temperature of a mixture can differ from those of its
components. A fog that occurs as a front is passing by overhead is related to the
mixing of nearly saturated warm and cold air masses.
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Fog types are often classified by their formation mechanism. Even this
classification is vague, however, because most often fog is the result of more
than one process:

radiation fog

advection fog

orographic fog (upslope fog)
frontal fog or precipitation fog
steam fog

Too Too oo o o

4.4.3. Radiation fog

Radiation fog forms over non-frozen ground in the evening (= when the radiation
balance becomes negative) in humid and almost clear weather with weak winds.
If moisture is ample, the fog layer will grow higher all night as the upper parts
cool continuously at a rate of roughly 1 °C an hour.

Favourable circumstances for the forming of the fog are low-lying regions
(marshlands, river valleys) with strong evaporation during the day, or clear nights
following rainy days.

The visibility in radiation fog rarely falls under 100 m and its thickness is only a
few dozen meters. Dense and long-lasting fogs can occur in assosiation with
anticyclones (especially in spring and autumn), when dust particles and
condensation nuclei on the top of an inversion cool the air with their thermal
radiation, generating a cloud layer that grows towards the ground.

The fog clears if there is sufficient insolation. The radiation heats not just the fog
layer itself, but also the ground below it. The surface, in turn, heats the thin layer
of air near it, thus generating a weak convective flow that mix this warm air with
the lower parts of the fog. When this happens, the bottom of the fog thins and
lets in more insolation, accelerating the dissipation of the fog, which proceeds
from the ground up.

Fog can also dissipate due to wind. A strengthening wind mixes drier air with the
fog at both the top and bottom of the fog layer. On the other hand, if an advection
brings drier above the fog, the radiative cooling of the top of the fog layer can
intensify, causing an opposite result.The temperature advection that
accompanies wind can hasten the fog's dissipation. In a warm advection fog
particles dissipate into water vapor. A cold advection near the top of the fog layer
can also advance the dissipation by weakening the inversion that inhibits mixing.
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The formation and dissipation of radiation fog are also affected by other clouds.
The radiative cooling of the fog's upper parts during the night is strongest if there
are no other clouds above the fog. A cloud layer coming over the fog (lower or
middle clouds, or a thick layer of upper clouds) decreases the radiative cooling,
thus also decreasing the formation of fog particles at the top of the fog. This can
lead to a gradual dissipation of the fog if the weakened condensation can no
longer keep pace with the forces working to dissipate the fog (of which the falling
of fog particles, although slow, is always active).

Contrary to nighttime, clouds above a fog will slow the dissipation process during
the day by reducing the amount of insolation that reaches the fog cloud and
surface.

In late autumn the fog can either clear or not; it can also rise into stratus cloud
and back again.

Radiation fog can occur where there is no wind, but weak winds contribute to its
formation by lifting the turbulent mixing of air upwards after it has cooled near the
surface, which creates a thicker layer of air favorable to the formation of fog. If
the wind is completely still, the result can be no more than a thin layer of surface
fog, dew or fog patches in cold, shallow depressions.

Note:

A radiation fog does not occur at sea
A radiation fog with a maximum thickness of 2 m is called surface fog.

4.4.4. Advection fog

Advection fog occurs when a warm and humid air mass cools as it passes over a
cold surface.

Properties:

dense

relatively large

often persists for a long time

thickness usually around 300-500 m, but can be up to 1 km

may rise upward and become an St cloud

most common at sea, where the border of the fog is a vertical wall
moderate winds, at least initially

Too Too Too oo oo o Do
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In Finland, advection fog occurs particularly in spring and early summer in
connection with flows from the land to the sea, when the warm air cools over cold
water. On the other hand, fog also occurs often in autumn and early winter, when
humid air is advected from ice-free seas over cold ground. In this situation the
formation of fog is also aided by the continent's topography, which means that
the thickest and longest-lasting fogs often form on hilltops. For example, the
Rovaniemi airport, which is situated some 100 m above the Kemijoki valley,often
experiences fog when humidity advecting from the Bay of Bothnia rises up the
slope.

Fog dissipates if it is carried over a warm surface, or if there is sufficient
insolation to dry it. In early summer the fog typically cannot advance farther than
10 km away from the shore.

4.4.5. Steam fog

This kind of fog occurs when cold air drifts over a warm sea and the temperature
difference between them is large (c. 15 degrees or more).

The fog develops below a shallow inversion (in the absence of an inversion, the
layer labilizes and the moisture rises higher). Situations like this occur near the
coast; when the air travels above the sea for a long time, winds begin to undo the
inversion. Sc clouds or shallow shower clouds are often formed over the sea.
These clouds group together in lines and are sometimes arranged as roll clouds.
Associated with sea smoke there is moderate wind or even gale.

Steam fog is common on the coasts of arctic regions in winter. In Finland sea
smoke most often occurs from November through January, when the ground is
frozen/covered in snow and the sea is free of ice. Non-frozen lakes steam in sub-
zero temperatures, but usually there is only shallow fog (height below 2 m).

Larger-scale occurrences of steam fog are found on the fringes of cold ocean

currents, such as in Newfoundland, northeastern United States, northern Pacific
Ocean, the west coast of North America and the British Isles.
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4.4.6. Precipitation fog

Precipitation fog forms when rain falls through air colder than itself and water
vapour is evaporated.

A typical example of a situation like this is a large Nimbostratus cloud ahead of a
warm front, which is why the fog is also called frontal fog.

4.4.7. Orographic fog

Orographic fog occurs when air flows up a slope, where

A the air is warm and humid

A the LCL is low

A the air is sufficiently stabile for there to be no convection
A fog is often a combination of orographic and advection fogs. The fog is
dense and can persist for days. On the lee side of a hill the air descends and
grows warmer, and and the fog dissipates at least partially.
Valley fog: there is a deep humid layer beneath an inversion. The inversion is a

result of a long cooling period and descending motion of a persistent high
pressure.

4.4.8. Dissipation of fog

Fogs dissipate through three mechanisms:

1. Temperature rises above the dew point
A the surface and/or the fog absorb insolation

A the fog moves over a warmer surface
A the air heats adiabatically as it flows down a slope
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2. Air humidity drops

A water vapor condenses on a cold surface
A snow falls through the fog layer and water vapor condenses on the
surface of the crystals

3. The wind grows stronger

A the fog rises up and becomes a stratus cloud
A the fluxes of heat and humidity change, expediting the dissipation
of radiation fog in particular

4.4.9. The effects of a snow cover

When air cools to a sub-zero temperature above snow, its water vapor
condenses on the snow and the moisture flux is directed from the air into the
snow. If the cooling is rapid and the humid layer thin, the moisture can condense
on the snow and there will be no fog. However, if there is a lot of moisture, a
snow cover will not prevent the formation of fog.

In some situations a snow cover can even advance the fog's formation and
persistence:

A Snow does not warm up in sunlight, so when night falls the air cools
faster over a snow cover than over non-frozen land, and the saturation
point is also reached faster.

A Just like frozen ground, a snow cover also acts as an insulant, and there is
no heat flux from the ground into the air.

A Thawing snow acts as a source of moisture as well.
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4.4.10. Freezing fogs

Fog can occur in winter and although it is most likely to form and persist when air
temperature is at or slightly below zero, it can also form in colder air. This kind of
fog is called freezing fog, and it usually consist of supercooled water and ice
crystals. Freezing fog is a relatively common phenomenon on the hills of northern
and eastern Finland in winter. In the same conditions one can also find
impressive rime formations and snow-loads on trees. Freezing drizzle can also
occur at the same time with freezing fog.

Freezing fog and drizzle cause hazardous circumstances for traffic: ice forms on

aircraft and ship structures and the windshields of cars, and road surfaces are
covered with frost, causing skiddy conditions.

Fogs are rare in temperatures below -20 °C, but even then ice fogs can form. In
this case the fog patrticles freeze or water vapor desublimates into ice crystals.
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5. The basic properties of a wind field

Extra material: Met Ed modul e O6Topics i n Dynami

5.1. Geostrophic wind and gradient flow

Let us take a look at horizontal air flows. We can assume that the following apply
in the free atmosphere part of the troposphere in the mid-latitudes:

A isobars are straight and parallel
A there is no friction
A Rossby number < 0,1

Wind like this is geostrophic, and it is defined by the wind law

AV

Vg: I_(}{ vzp = IZX P

1 g
pf f
In other words, the height field determines the geostrophic wind.
In turn, a single height observation and the wind field determine the height field.

The influence of the Coriolis parameter makes it so that wind is about 1,5 times
as strong in the Mediterranean as in the Arctic Ocean under similar pressure
gradients.

And where does geostrophy not apply? When f is small or very large (tropics and
polar regions), when the flow is not homogenous (wave disturbances, jet
streams) or when it is influenced by friction (the boundary layer).

Gradient flow: a curved, geostrophic flow, where the pressure gradient force,
Coriolis force and centrifugal force are in an equilibrium:
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The equations of motion in a natural coordinate system (s,n):

vV 1
C,L_t = 7 3% s: along wind direction
2 10
% +fV =- 3 a% s: along 90° to the left of wind direction

R = the curvature radius of an air parcel's trajectory

in a cyclonic flow R >0
in an anticyclonic flow R <0

curvature C = 1/R
The following apply to gradient flows:

A in a cyclonic flow V > V(g), pressure gradient is not limited
A in an anticyclonic flow V < V(g), pressure gradient is limited
A in a straight flow V = V(g)

Because of this the pressure fields of low pressures often have clear
borders and tight pressure gradients, while the pressure fields of highs are
more vague and their pressure gradients loose.

n ay 20 March 2002 12 orecast t+ 72 : Saturday 23 March 2002 12
SURFACE: mean sea leve| pressure
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Ageostrophic wind = real wind i geostrophic wind
Ageostrophic wind is affected by four factors:

acceleration
advection
convection
friction

p

Vag = x [ Y 4 (V- v)) + o %-E]

I: isallobaric wind, towards greatest pressure drop
II: advective ageostrophic wind
I1l: convective ageostrophic wind (weak)

IV: friction

In the upper troposphere, the most significant of these terms is advection.
Near the surface the friction term becomes significant.

- . = —_..,0V V.
in (n,s) - coordinates V -vp\/—sva—S +ﬁ n

N —

§

b
¢+ 0
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5.2.Thermal wind and temperature advection Martin p. 89-93

Let us take a look at a layer of air where the temperature changes horizontally.
Warm layers are thicker than cold ones, so the higher up the pressure surfaces
are, the steeper their downward slope towards the cold air. The horizontal
pressure gradient increases with altitude, and the geostrophic wind increases
with it. The wind is represented by circles in the image below; the cross means
that wind direction is into the page. Vgl < Vg2.

__________________ Z=5km
500 hPa
WARM
COLD V1 850 hPa
EoICR Z=0km

So, there is a connection between the temperature gradient and the vertical
shear of geostrophic wind. This connection is described by the thermal wind law,
and next we will devise a mathematical representation for it. According to the
hydrostatic equation

apl dz = - pg
which can also be written as
gz 1 _ RT
ap P P
Because 06 =gdz , the previous equation can be written as
% __RT
ap P, which is the isobaric form of the hydrostatic equation.
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Vg = (ki)

The geostrophic wind is X0 , and its vertical derivative

av.  k 8
W
P f ap , Which can be represented with temperature by using

the isobaric form of the hydrostatic equation:

k RT -R
= xV- 3 = ( o )k x7T

Oy | 0

This vertical shear of the geostrophic wind is called a thermal wind:

<|

T" Vg -V

In other words, a thermal wind is the difference between the geostrophic wind at
an upper and a lower pressure surfaces. Its direction is parallel to the isotherms
so that colder air remains on one's left when standing with one's back to the wind
in the northern hemisphere.

Moving surface pressure anomalies travel in the direction of thermal winds
(Martin p. 151-153).

If the layer is thin, its mean temperature can be assumed to be the mean value of

the temperatures of its top and bottom surfaces.

For example: VT= V5001 V1000:
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Mathematically the thermal wind is defined as the cross product

aVv
—2 = R )k XTT
p fp

This means that, according to the cross product rule, the thermal wind is
perpendicular to the vertical coordinate k and the temperature gradient dT- or, in
other words, parallel to the isotherms. Due to the direction of the temperature
gradient, the direction of the thermal wind is such that cold air is to the left and
warm air to the right when one's back is to the wind in the northern hemisphere.

: : . 8V ép<0
Because thermal wind strenghtens with altitude, and g ,
it can best be described as

Vi=-8Vgldp

Temperature advection TA
= scalar product of horisontal wind and temperature gradient, that gives
the change in temperature caused by the wind:

~(V-VT) == V|- |[VT|cos(V T, V)
When TA > 0, there is warm advection and the air grows warmer.

When TA < 0, there is cold advection and the air cools.

The temperature gradient is a vector that points in the direction where
the temperature increases most.

Note that temperature advection is therefore proportional to the
temperature gradient, not temperature itself!
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temperature advection = 0, temperature advection <0,
when temperature rises when temperature drops

[ | [

cos( 'FT,LT} =-1 cos( VTV ) =1

Temperature advection

largely determines temperature changes at 2 m

regulates the development of upper waves

influences vertical movements in the troposphere and, through them,
precipitation

regulates the development of baroclinic disturbances

determines front type

generates advection fog

To oo oo o Do

Thickness advection describes phenomena on the synoptic scale better than
temperature advection at a single pressure level.

If winds change linearly throughout a layer, thickness advection can be
calculated from any wind in the layer in question.

-V, Vh = -V, [Vh

9V nlvh where h = the height of the layer,

because the wind perpendicular to the thickness gradient (Vn) is constant
throughout the layer.

s cos(VpWT) TN
2 .

N

~
~
~
~
~
~

s €os(Vr V)

~
~
~
~
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Temperature advection in a (1000 hPa altitude, 850 hPa thetae) field:

In warm advection the wind's direction is from warmer air towards cooler air, and
vice versa in cold advection.
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